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1 Introduction

The stratospheric quasi-biennial oscillation (QBO) is an almost periodic, approximately axisymmetric
variation of the zonal (longitudinal) wind in the equatorial mid-atmosphere. The oscillation is char-
acterised by alternating, downward-propagating easterly and westerly wind regimes and acts as the
dominant mode of interannual variability in the stratosphere, the layer of the atmosphere lying above
the troposphere at roughly 15 to 50 km (100–1 hPa) in altitude. The wind regimes form in the upper
stratosphere and descend at approximately 1 km per month, dissipating in the lower stratosphere an
average of 28 months later, giving rise to a quasi-biennial oscillation (Baldwin et al., 2001).

Application of atmospheric dynamical theory to the QBO started after its identification in the early
1960s, initially with the development of a mechanistic theory utilising wave/mean-flow interaction be-
fore later unravelling the intricate connection of the QBO with other atmospheric phenomena. This
connection is both direct through the equatorial tropopause and indirect through the wider extrat-
ropical atmosphere; the fine details remain under consideration today. The difficulties of gathering
observational data far above Earth’s surface, particularly at sufficient spatial and temporal resolution,
place the representation of the QBO and its teleconnections in global climate models under scrutiny to-
day as satellite data improves and increased computational power allows the direct modelling of physical
processes of greater complexity.

In this essay, we will discuss the dynamical behaviour of the QBO and its influence in the extratropical
atmosphere, incorporating both mathematical and physical viewpoints in pursuit of understanding why
such a phenomenon exists, how it fits into the broader picture of atmospheric dynamics, and where the
influences may be felt. The remainder of section 1 provides a contextual discussion of the discovery
and phenomenology of the QBO. In section 2, the basic dynamics are described with reference to a
prototypical numerical model and wave/mean-flow theory. Finally, section 3 elucidates the extratropical
effects of the QBO via a mechanistic approach to three illustrative examples of atmospheric variability
modulated by the QBO.

Much of the discussion in this essay assumes familiarity with wave/mean-flow interaction, equatorial
wave theory, and the (transformed) Eulerian-mean formalism. The pertinent details are made clear
where necessary and full details can be found in the references herein.

1.1 Discovery

The earliest indication of persistent stratospheric winds came from the 1883 Krakatau volcanic eruption.
The ash cloud circled the globe east to west in around 2 weeks, implying the existence of strong easterly
winds which became known as the ‘Krakatau easterlies’. In 1908, data from meteorological balloons
launched by A. Berson indicated westerly winds at an altitude of 15km, which became known as the
‘Berson westerlies’. Further, Palmer (1954) found the transition between these winds varied on monthly
and yearly timescales, though there was insufficient data to identify any periodicity. A gradual descent
of these wind regimes was identified by Graystone (1959) using 2 years of observations of wind speed
from Christmas Island at 2◦N.

1



10
15
20
25
30
35
40

A
lt

it
u

d
e 

(k
m

)

     

     

P
re

ss
u

re
 (

h
P

a)

 

 

1980 1981 1982 1983 1984 1985 1986 1987 1988 1989 1990
 

300

100

30

10

3

E E EW W W W W

10
15
20
25
30
35
40

A
lt

it
u

d
e 

(k
m

)

     

     

P
re

ss
u

re
 (

h
P

a)

 

 

1991 1992 1993 1994 1995 1996 1997 1998 1999 2000 2001
 

300

100

30

10

3

E E E E EW W W W

10
15
20
25
30
35
40

A
lt

it
u

d
e 

(k
m

)

     

     

P
re

ss
u

re
 (

h
P

a)

 

 

2002 2003 2004 2005 2006 2007 2008 2009 2010 2011 2012
 

300

100

30

10

3

E E E E EW W W W W

10
15
20
25
30
35
40

A
lt

it
u

d
e 

(k
m

)

     

     

P
re

ss
u

re
 (

h
P

a)

 

 

2013 2014 2015 2016 2017 2018 2019 2020 2021 2022 2023
 

300

100

30

10

3

E E EW W W W W

  

 

 

  
 
 
 
 
 
 
 
 
 
 

  
 
 
 
 
 
 
 
 
 
 

-55
-45
-35
-25
-15
-5
5
15
25
35
45
55

W
in

d
 S

p
ee

d
 (

m
/s

)

Equat.

Paul A. Newman, Larry Coy, Steven Pawson (NASA/GSFC) Wed Dec  2 17:51:50 2020 GMT MERRA-2

U

Figure 1: 1980–present MERRA-2 monthly mean zonal wind at the equator. The thick dotted line
represents the tropopause. Plot sourced from https://acd-ext.gsfc.nasa.gov/Data_services/met/

qbo/qbo.html

Discovery of the QBO as it is now understood is accredited to R. J. Reed in the United States and R.
A. Ebdon in the United Kingdom. In 1960, using rawinsonde data from Canton Island (2.8◦S), Reed
discovered alternating bands of easterly and westerly winds, which originate above 30km and descend
through the stratosphere at approximately 1 km per month, calculating a period of 26 months (later
published as Reed et al. (1961)). Ebdon (1960) used data also from Canton Island over the period
1954–1959 to identify a period of about 2 years. Later, including data from 1954–1960, a period of
25–27 months was identified by Ebdon and Veryard (1961). They concluded wind fluctuations occur
simultaneously around the equator, and take 1 year to descend from 10 to 60 hPa. Shortly thereafter,
Veryard and Ebdon (1961) extended their study and identified similar fluctuations in temperature data.

The term ‘quasi-biennial oscillation’ was coined by Angell and Korshover (1964) following further obser-
vations of a quasi-periodic cycle in mid-atmospheric winds with a period close to two years. A mechanistic
explanation of the QBO was not readily apparent but understanding grew through the late 1960s and
early 1970s with the gradual identification of aspects such as its longitudinal symmetry (Belmont and
Dartt, 1968) and the development of equatorial wave theory (Matsuno, 1966). In particular, ideas of
wave/mean-flow interaction, which are now integral to an understanding of atmospheric dynamics, en-
tered the literature in the late 1960s (e.g. Booker and Bretherton (1967)) and were soon linked to the
QBO.

1.2 Phenomenology

The oscillatory, downward-propagating nature of QBO wind regimes is perhaps best illustrated by a time-
height cross-section of zonal wind over the equator; see figure 1. Observational data may be averaged
over a monthly period to reduce noise, and similarly may be longitudinally averaged, though this is not
necessary owing to the longitudinal symmetry. Therefore data from a single station is sufficient, as in

2

https://acd-ext.gsfc.nasa.gov/Data_services/met/qbo/qbo.html
https://acd-ext.gsfc.nasa.gov/Data_services/met/qbo/qbo.html


Jan Feb Mar Apr May Jun Jul Aug Sep Oct Nov Dec0

1

2

3

4

5

6

7

8

9
Nu

m
be

r o
f t

ra
ns

iti
on

s
50 hPa E-W

Jan Feb Mar Apr May Jun Jul Aug Sep Oct Nov Dec0

1

2

3

4

5

6

7

8

9
50 hPa W-E

Figure 2: Seasonal distribution of QBO phase transition at 50 hPa. Data from Encyclopedia of Atmo-
spheric Sciences (Second Edition), 2015.

the case of figure 1. A number of features are apparent from a time-height view:

• Alternating regimes of easterly and westerly1 winds, repeating in intervals between 22–34 months
at an average of 28 months from 1953–1995. The wind regimes are particularly well organised
between 15–30km (100–10 hPa).

• Westerly shear zones2 descend more regularly and rapidly than easterly shear zones.

• Easterly wind regimes exhibit greater intensity and longer duration.

• The amplitude of each QBO phase3 is roughly constant as winds descend from 5 to 50 hPa and
decreases rapidly below 50 hPa.

• There is an apparent seasonal preference in the phase reversal; see Dunkerton (1990). Using the
50 hPa level as reference, onset occurs mainly during Northern Hemisphere (NH) late spring: see
figure 2.

• Above 35 km (∼ 7 hPa), the zonal wind oscillates with an apparently annual period. This is the
Semi-Annual Oscillation (SAO) of the upper stratosphere. It is a distinct phenomenon from the
QBO, though caused by a similar wave forcing mechanism and related to the onset of QBO wind
regimesGray (2010).

Beyond the altitude structure, the QBO displays an approximately Gaussian meridional structure in
zonal wind amplitude, with a 12.5◦ half-width; see Wallace (1973) and in particular figure 4 of Gray
(2010). The precise meridional structure is dependent on the phase of the oscillation; easterly wind
regimes are much wider than westerly regimes (Pahlavan et al., 2021a) and exhibit a flatter base whilst
westerly regimes exhibit U-shaped bases (Hamilton, 1984).

1 The terms ‘easterly’ and ‘westerly’ refer to winds blowing from the east and west respectively. In the literature, these
terms are used interchangeably with ‘westward’ (equivalent to easterly) and ‘eastward’ (equivalent to westerly), particularly
with reference to wave speeds. Note also that by convention, westerly winds are positively signed and easterly winds are
negatively signed.

2The term ‘shear zone’ refers to the region of zonal wind shear between easterly and westerly regimes. It is most
straightforward to refer to the phase of the QBO in terms of an easterly or westerly shear zone since typically two wind
regimes are present but only one shear zone of a particular sign. By convention, a westerly shear zone has uz > 0.

3The ‘phase’ of the QBO refers to the two distinct arrangements of wind regimes with oppositely signed zonal wind at
some reference height (typically 50 hPa, lower stratosphere). A westerly (easterly) phase refers to the arrangement with
a westerly (easterly) shear zone, i.e. westerly (easterly) winds in the mid-stratosphere and oppositely signed winds in the
lower stratosphere.
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Figure 3: QBO temperature signal from MERRA-2 data. Plot generated by taking the monthly mean
of zonal mean temperature, subtracting long-term monthly mean, then performing linear detrending of
the residual temperature. Sourced from https://acd-ext.gsfc.nasa.gov/Data_services/met/qbo/

qbo.html

The QBO has a detectable signal in many dynamical variables which couple with the zonal wind, the
most apparent of which is the stratospheric temperature over the equator; see figure 3, later discussed
in section 2.6. The amplitude of the temperature oscillation is small, approximately 4K at maximum
near 30–50 hPa. Despite the low amplitude, these temperature perturbations penetrate into the tropical
tropopause layer and modulate the coverage of high, thin cirrus clouds (Tseng and Fu, 2017); negative
temperature anomalies favour greater relative humidity and consequently increased cloud cover, and vice
versa.

A particularly important QBO signal arises in equatorial ozone concentration as well as other trace
gases, which has consequences for their global circulation and hence their contribution to global climate
change. This modulation is typically indirect, due to QBO-induced perturbations in temperature and
advection (Pahlavan et al., 2021a; Baldwin et al., 2001).

2 Basic dynamics of the QBO

It is now understood that the QBO mechanism relies on interaction between waves and the mean flow,
in particular the momentum transport of vertically propagating waves, with the key idea of separating
dynamical variables into ‘mean’ and ‘wave’ (or ‘eddy’) components, where the mean is typically longi-
tudinal. Due to some physical process which generates perturbations, energy and momentum can be
transferred from the mean flow to the wave component, which may then propagate and redeposit en-
ergy and momentum into the mean flow. This provides a mechanism for momentum transport without
advection by the mean flow. In this section we discuss the application of this idea to the QBO, first
laying out the essential theory then detailing the development of a numerical model which captures the
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essence of the mechanism giving rise to the QBO.

2.1 Early insights

Booker and Bretherton (1967) provided the first insight relevant to the QBO with their paper on the
absorption of gravity waves at a ‘critical level’. The main result is a mechanism by which internal gravity
waves can be reabsorbed by the mean flow without the need for turbulence or other dissipative processes.
Ignoring viscosity and heat conduction, a sinusoidal wave with horizontal phase velocity c encounters a
‘critical level’ z = zc where the horizontal mean flow matches the phase speed; u(zc) = c. At this level,
the frequency of the wave relative to the surrounding fluid vanishes. Consequently, a wave propagating
vertically through a critical level is strongly attenuated and its momentum is deposited in the mean flow.

Mathematically, the critival level for a wave equation of the form ψzz + m2(z)ψ = 0 arises wherever
m(z) is singular. Physically, a wave packet approaching a critical level of its dominant frequency and
wavenumber will not reach the critical level in finite time: whilst the intrinsic frequency and total
wavenumber remain constant, the wave frequency relative to the local fluid vanishes and associated with
this, the vertical wavelength decreases. Thus the group velocity becomes closer to horizontal, and all
components relative to the local velocity field vanish. In this way, the wave is ‘absorbed’ by the mean
flow.

Utilising the concept of critical levels, Lindzen and Holton (1968) suggested the QBO arises through an
internal mechanism involving two-way feedback between waves and the mean flow; using a 2D model,
they found that the QBO could be driven by a spectrum of vertically propagating waves with eastward
and westward phase speeds. In their model, the oscillation is a downward propagating pattern of
easterly and westerly winds. A key insight is that the period of oscillation is partly controlled by the
wave momentum fluxes, hence a range of periods is possible and the fact that the QBO period is close
to a multiple of the annual cycle is a coincidence. However, there is evidence to suggest there is some
modulation by the annual cycle due to its influence on the background stratospheric flow (Gray, 2010).

Holton and Lindzen (1972) refined the model to demonstrate two-way feedback where the wave forcing is
provided by eastward propagating equatorial Kelvin waves and westward propagating equatorial Rossby-
gravity waves. The differing properties of these waves gives rise to a zonal asymmetry resembling that
of the QBO. Further, Andrews and McIntyre (1976) and Boyd (1976) showed that the effects of rotation
and meridional structure do not change the fundamental mechanism of the oscillation. However, these
effects do have consequences for the momentum flux necessary to drive the QBO which is discussed in
section 2.4.

2.2 Modelling framework

A natural pathway to understanding the QBO mechanism is a ‘toy model’ which captures the essence
of the wave/mean-flow interaction and the important factors modifying the nature of the zonal wind
oscillation. To do so first requires a mathematical framework for modelling the atmosphere.

2.2.1 Density variations & stratification

In the stratosphere, distinct variations in fluid density exist, but the total range of density is small. In
this case, the predominant influence on dynamics is of changes in the weight of fluid per unit volume.
Consequently the Boussinesq approximation is employed, whereby density changes are acknowledged only
as part of the buoyancy force due to differences in fluid weight; to understand the dynamics, the buoyancy
force in the vertical direction σ = −gρ′/ρ is introduced, where ρ′(x, t) is the wave component of density
and ρ(z) is the mean density. Formally, this is a decomposition of the density ρ(x, t) = ρ(z) + ρ′(x, t)
where ρ′/ρ � 1, hence wave/eddy components may also be referred to as ‘perturbation’ or ‘deviation’
components. The stratification of the mean flow is described in terms of the Brunt-Väisälä frequency
N , usually assumed to be slowly varying in z and defined by

N2(z) = −g
ρ

dρ

dz
(2.1)
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in the case of Booker and Bretherton (1967), though definitions vary depending on the specific decom-
position of ρ used.

The Boussinesq approximation is self-consistent only if the fluid is regarded as incompressible at leading
order. The atmosphere is compressible, but the incompressible approximation is valid when the local
vertical scale is small compared to the density scale height, though ρ must be replaced by the mean
potential density4 in this case. In the literature, this subtlety is often overlooked to avoid obfuscation
and the buoyancy frequency is used with reference to the mean density, even if mean potential density
is meant.

The importance of vertical variations in mean horizontal velocity (u, v, 0) compared with ambient strat-
ification is characterised by the Richardson number

Ri =
N2

u2z + v2z
(2.2)

which may be simplified to exclude v2z if only zonal velocity is under consideration, as will be the case
henceforth. A flow with Ri ≥ 1/4 everywhere is stable to small disturbances (Miles, 1961; Howard, 1961)
and Ri must be taken to be arbitrarily large for concepts such as wave packets and group velocity to be
consistent.

2.2.2 Eddy effects

The effects of the eddy component of the flow on the mean component are typically associated with a
wave activity conservation relation of the form

∂A
∂t

+∇ ·F = D (2.3)

which relates a density of wave/eddy activity A with the divergence of the eddy flux F and dissipative
effects D. The form of A,F and D depends on the framework under which the relation is derived; a
common form (which will be used henceforth) is the Eliassen-Palm (EP) wave activity and flux (Eliassen
and Palm, 1961) which arises from the quasi-geostrophic framework in which the dynamics are assumed
to be in near-geostrophic balance.

Combined with this wave activity relation, the transformed Eulerian mean (TEM) formalism is used as
a useful framework for discussing eddy effects. This formalism combines the separate eddy forcing terms
for each velocity component into a single forcing term and simplifies the buoyancy equation. Under the
TEM formalism, the zonal momentum and buoyancy equations are

∂u

∂t
= f0v

∗ +∇ ·F + F (2.4)

∂σ

∂t
= −N2w∗ + S (2.5)

where F and S represent frictional and heating terms respectively. It is evident from these equations
that the zonally-averaged zonal velocity u is forced by the Coriolis force, frictional forces, and eddy
forces represented by ∇ · F , so that the divergence of the eddy flux can be considered as a force. In
the literature and remainder of this essay, the EP flux divergence is used as a convenient proxy for the
momentum deposition & consequent forcing of the mean flow by waves.

A crucial interpretation of the wave activity conservation relation (2.3) is the importance of disssipation.
First note that if ∇ ·F = 0 then the TEM equations are independent of eddy effects. Now consider a
region where dissipation is present: a wave/eddy entering this region has At > 0 and hence (assuming
dissipation initially small) ∇ · F < 0 according to (2.3). Without dissipation, as the wave leaves then
∇ ·F > 0 (with amplitude identical to when arriving) and there is no net eddy forcing, with ∇ ·F = 0
in total. With dissipation present, At = D hence ∇ · F = 0 and in total, ∇ · F < 0 so there is a net
forcing and hence acceleration of the mean flow, captured by the divergence of eddy flux ∇ · F which
is non-zero only if dissipation (or wave breaking) is present. Thus waves propagating through a fluid
interact with the mean flow when they are dissipated, effectively depositing the momentum they carry
and therefore accelerating the mean flow. The magnitude of this forcing is represented by the divergence
of the EP flux as above.

4The mean potential density is the density that a fluid parcel at height z would have if it were reduced adiabatically to
some reference pressure.
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2.3 QBO mechanism

Based on the work of Lindzen and Holton in their 1968 and 1972 papers, the underlying dynamics and
parameter dependence of the QBO was clarified and well illustrated by Plumb (1977) using a numerical
‘toy model’ which we now elaborate on. Consider 2D motion in the (x, z) plane of a Boussinesq fluid
with buoyancy frequency N , viscosity ν and thermal dissipation rate µ.

2.3.1 Governing equations

Owing to (approximate) incompressibility following from the Boussinesq assumption, we may employ a
streamfunction ψ such that (u,w) = (ψz,−ψx). The dynamics are governed by two coupled equations,
firstly the vorticity equation

∂

∂t
∇2ψ +

∂σ

∂x
− ν∇4ψ = J(ψ,∇2ψ) (2.6)

where σ = −gρ′/ρ is the buoyancy with the mean density component ρ = ρ0 assumed constant and
∇2 ≡ ∂2x + ∂2z . Here, J is the Jacobian defined by J(a, b) = axbz − azbx. We also have the governing
equation for buoyancy as

∂σ

∂t
−N2 ∂ψ

∂x
+ µσ = J(ψ, σ) (2.7)

Following the standard procedure for investigating wave/mean-flow interaction dynamics we decompose
the streamfunction ψ into mean and perturbation components

ψ = ψ + ψ′ (2.8)

where an overbar denotes the zonal mean. We wish to derive an equation for the response of the mean
zonal flow u to wave forcing. We will employ the following assumptions.

(i) Apply the ‘mean field approximation’ following Herring (1963) whereby the perturbation compo-
nent

J(a′, b′)− J(a′, b′) (2.9)

is neglected. This component represents non-linear wave self-interaction, which is of a frequency
twice that of the basic wave so produces a small response in comparison. Equivalently, this is a
third-order quantity, whilst we will retain only first order perturbation quantities.

(ii) Neglect viscous dissipation of the wave, on the basis that thermal dissipation is more effective in
this problem. Note that viscous dissipation of the mean flow is still present.

(iii) Changes in the mean flow occur on a timescale much larger than the timescale of wave motion.
Consequently, we neglect terms involving ∂u

∂t .

(iv) The thermal dissipation rate µ is small compared to the doppler shifted frequency, in particular
µ� k(u− c).

(v) The Richardson number Ri ≡ N2/(∂u/∂z)2 is large, representing the assumption buoyancy domi-
nates the mean flow shear in driving wave motion.

(vi) Ambient stratification N2 is unaltered by wave activity, which follows from the assumptions (iii),
(iv) on Ri and µ.

(vii) As is realistic in the atmosphere, the aspect ratio D/L � 1 where D and L are characteristic
vertical and horizontal lengthscales respectively.

The decomposition ψ = ψ + ψ′ applied to the vorticity equation, retaining first order disturbance
quantities only, yields

∂

∂t

(
∇2ψ′ +

∂u

∂z

)
+
∂σ

∂x
− ν∇4

(
ψ + ψ′

)
=
∂ψ′

∂x

∂3ψ

∂z3
− ∂ψ

∂z

∂

∂x
∇2ψ′ (2.10)

By assumption (iii) we neglect ∂2u/∂t∂z and by assumption (ii) we neglect ν∇4ψ′ to get[
∂

∂t
+ u

∂

∂x

]
∇2ψ′ +

∂σ

∂x
=
∂ψ′

∂x

∂2u

∂z2
(2.11)

7



The same decomposition applied to the buoyancy equation combined with the mean field approximation
gives

∂σ

∂t
−N2 ∂ψ

′

∂x
+ u

∂σ

∂x
= −µσ (2.12)

The coupled equations (2.11) and (2.12) admit plane wave solutions of the form

ψ′ = <
[
ψ̂(z)eik(x−ct)

]
, σ = <

[
σ̂(z)eik(x−ct)

]
(2.13)

Substituting into (2.11) and (2.12) and eliminating σ̂ yields a governing equation for ψ̂

d2ψ̂

dz2
+

[
N2(1 + iµ/k(u− c))

(u− c)2 + µ2/k2
− k2 − 1

u− c
∂2u

∂z2

]
ψ̂ = 0 (2.14)

We now simplify the factor in square brackets by applying assumption (v) to neglect ∂2u/∂z2 (equiv-

alently, take the leading order contribution after expansion in orders of Ri−1/2), assumption (iv) to
neglect µ2/k2, and assumption (vii) to neglect k2. This amounts to a WKB approximation which can
be applied to

d2ψ̂

dz2
+m(z)2ψ̂ = 0 (2.15)

where now

m(z) ≈
(
N2(1 + iµ/k(u− c))

(u− c)2

)1/2

≈ N

u− c

[
1 +

iµ

2k(u− c)

]
(2.16)

The WKB solution representing upward propagating waves is

ψ̂(z) = Am(z)−1/2 exp

(
is

∫ z

m(z′) dz′
)

(2.17)

where A is an arbitrary constant determined by boundary conditions and s = sgn(czg) is the sign of the
vertical group velocity. The vertical flux of zonal momentum associated with this wave is

F (z) = u′w′ = −k
2
<
[
iψ̂zψ̂

∗
]

(2.18)

= − ik
4

(
ψ̂

dψ̂∗

dz
− ψ̂∗ dψ̂

dz

)
(2.19)

= F (0) exp

[
i

∫ z

0

(m−m∗) dz′
]

(2.20)

= F (0) exp

[
−s
∫ z

0

Nµ

k(u− c)2
dz′
]

(2.21)

Note that we have sgn(F (0)) = sgn(c) for upward propagating waves. The integrand is the wave
attenuation rate, equal to the dissipation rate divided by the vertical group velocity. Physically, this is
the loss of wave flux intensity per unit distance of wave propagation. As the wave approaches the critical
line of the flow where u = c, the effects discussed in section 2.1 take place and the wave is absorbed
by the mean flow, depositing its momentum. The process of wave absorption close to a critical line is
captured mathematically here by the fact the integrand (i.e. the attenuation rate) is greatest where u−c
is small and singular when u = c.

The forcing provided by the wave momentum flux exerts an acceleration on the mean flow, assuming µ
is non-zero (i.e. dissipation is present, see discussion in section 2.2.2). Accounting for viscous dissipation
of the mean flow and generalising for multiple waves, we have

∂u

∂t
= −

∑
n

∂Fn
∂z

+ ν
∂2u

∂z2
(2.22)

where n is used as an index for the individual waves. We see from (2.22) that an eastward wave with phase
speed c > 0 exerts a positive (eastward) acceleration and vice versa. Note that in representing multiple

8
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Figure 4: Numerical integration of (2.27)–(2.29) with boundary conditions u(ζ, 0) = ζ/10, uτ (4, τ) = 0
where the upper boundary is ζ = 4 and 100 spatial grid points are used. Wave forcing is provided by 2
waves with (non-dimensionalised) amplitude 1, wavenumber 1, and phase speeds ±1. Integrated using
3rd order Adam-Bashforth method. See Vallis (2017) for a similar implementation.

waves by simply adding the momentum flux shear ∂Fn/∂z, we are implicitly neglecting interaction
between the waves. Physically, this is acceptable since the timescale of such interaction is that of the
wave period, assumed to be much smaller than the timescale of the mean flow variation, and consequently
the response of the mean flow would be small.

The governing equation may be non-dimensionalised by definining

Fn(0) =
Fn(0)

F̂
(2.23)

α =
Nµ

N̂µ̂
(2.24)

Λ =
νN̂µ̂

k̂ĉF̂
(2.25)

where the characteristic scale for each quantity is denoted with a hat. We then use non-dimensional
vertical and time coordinates

ζ =
N̂ µ̂

k̂ĉ2
z, τ =

N̂ µ̂F̂

k̂ĉ3
t (2.26)

so that the governing equation is
∂u

∂τ
− Λ

∂2u

∂ζ2
= −

∑
n

∂Fn
∂ζ

(2.27)

where

Fn(ζ) = Fn(0) exp

[
−s
∫ ζ

0

gn(ζ ′) dζ ′

]
(2.28)

gn(ζ) =
α

kn(u− cn)2
(2.29)

The non-dimensionalised mean zonal flow governing equation (2.27) may be integrated numerically.
Necessarily, the domain includes a vertical boundary which ideally would be at infinity to prevent a
reflected wave which invalidates the WKB approach, but the vertical boundary may be chosen suitably
large that the WKB approximation still holds. An example of the numerically simulated QBO under
the Plumb model with forcing from two waves with opposite phase speeds can be seen in figure 4.

2.3.2 Oscillation mechanism

Numerical integration of the Plumb model (figure 4) clearly demonstrates downward propagating al-
ternate wind regimes qualitatively similar to the QBO. It is therefore natural to consider an analytic
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view of the governing equations (2.27)–(2.29) to understand the essential mechanism responsible for this
oscillation and hence that of the QBO.

In the case of forcing by a single wave, Plumb found that for 0.005 ≤ Λ ≤ 1, i.e. all but extremely small
dissipation rates, a steady state is eventually reached where viscous dissipation balances wave-driven
acceleration. The transient evolution is a jet, forming either eastward or westward according to the
phase speed of the wave forcing, which is diffused vertically so that the steady state has a strong shear
layer near ζ = 0 and for large z, we have u→ (1 + Λ)−1. In this case, the single source of forcing is not
opposed by other forcing, only limited by viscous dissipation, hence no oscillation arises.

When a second wave is added, we see from the following linear stability analysis that a steady state is
possible but unstable to perturbations5. We will then see that this instability gives rise to oscillation.
Consider a static basic state u = 0 with F1(0) = −F2(0) = F, k1 = k2 = k, c1 = −c2 = c subject to a
small perturbation

|u| � 1,

∣∣∣∣∫ udζ ′
∣∣∣∣� 1 (2.30)

The wave attenuation rate gn(ζ) becomes

gn(ζ) =
α

kn
(cn − u)−2 (2.31)

=
α

knc2n
(1 +

2u

cn
+ . . . ) (2.32)

Consequently the momentum flux under such a perturbation is

Fn(ζ) = Fn(0) exp

[
− sα

knc2n

(
ζ +

2

cn

∫ ζ

0

udζ ′ + . . .

)]
(2.33)

≈ Fn(0) exp

[
− sαζ

knc2n

](
1− 2αs

knc3n

∫ ζ

0

udζ ′ + . . .

)
(2.34)

Hence the mean flow perturbation is governed by

∂u

∂τ
− Λ

∂2u

∂ζ2
=

4αF

kc3
exp

[
− αζ
kc2

](
u− α

kc2

∫ ζ

0

udζ ′

)
(2.35)

We now define the mean stratification

φ =

∫ ζ

0

udζ ′ (2.36)

so that
∂φ

∂τ
=

4αF

kc3
φ exp

[
− αζ
kc2

]
+ Λ

[
∂2φ

∂ζ2
(ζ, τ)− ∂2φ

∂ζ2
(0, τ)

]
(2.37)

The purpose of introducing φ is that (2.37) is generally easier to solve analytically than (2.35). However,
it is easiest to describe the dynamics in the context of (2.35).

The governing equation (2.35) relates the dynamics of the mean flow u at some level ζ0 to the mean flow
profile in ζ ≤ ζ0. Hence the behaviour at any level is independent of the flow profile above it, and it
suffices to discuss the influence of the flow profile below said level. Plumb explicitly demonstrates this
numerically by integrating (2.37) in a standard case as well as with φ = 0 in ζ > ζ0 (for arbitrary ζ0).
The flow evolution in ζ ≤ ζ0 is identical in each case.

The evolution of the mean flow may be split into two phases based on the importance of viscosity. In the
initial phase, viscosity is unimportant so we first consider the inviscid dynamics with initial conditions
where the mean flow profile is a small westerly (positive) perturbation; see figure 5(a). For simplicity,
we also set k = c = 1, F = 1/2 and α = 1. The inviscid governing equations are then

∂u

∂τ
= 2e−ζ

(
u−

∫ ζ

0

udζ ′

)
(2.38)

∂φ

∂τ
= 2φe−ζ (2.39)

5Note that whilst the model includes only two distinct waves, the discussion references multiple waves with a spectrum
of phase speeds, to aid relevance to the QBO.
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with general solution
φ(ζ, τ) = φ(ζ, 0) exp

[
2τe−ζ

]
(2.40)

Therefore φ is amplified with a growth rate decaying with height. This ‘differential amplification’ results
in the downward propagation of φ maxima, which are zeroes of u. In the context of (2.38), for an initial
positive perturbation;

• at small ζ, the ‘local attenuation term’ ue−ζ dominates and the positive flow is amplified;

• at large ζ, the ‘shielding term’ −e−ζ
∫ ζ
0
udζ ′ dominates and the acceleration is negative regardless

of the sign of u at high levels.

Note that the local attenuation term is so named as it represents the amplification of the mean flow
resulting from asymmetric attenuation of the wave forcing. The shielding term represents the effect of
wave absorption by the mean flow near critical lines, which shields regions above the critical line from
the wave forcing. It is interaction between these terms which is crucial to the development of oscillation.

Early in the evolution, the shielding term creates a region of easterly (negative) flow at large ζ, which
is amplified and extends in ζ. Below this region, the initial westerly perturbation is amplified by the
local attenuation term to form a westerly jet; see figure 5(b). A zero of u separates the two opposing
wind regimes, at which point only the shielding term contributes, so the zero moves downward and the
westerly jet narrows. At upper levels, the easterly jet broadens as the westerly jet inhibits waves with
westerly wave speeds better than the easterly jet inhibits waves with easterly wave speeds, owing to
the greater amplitude of the westerly jet. This is captured by the negative acceleration of the shielding
term. The westerly jet has greater amplitude since the amplification by the local attenuation term, i.e.
the local deposition of westerly momentum as waves with westerly phase speeds encounter their critical
level, is focused in an increasingly narrow range of ζ.

The change of sign in wave-driven acceleration occurs at level ζ = ζ0 defined by

u(ζ0) =

∫ ζ0

0

udζ ′ (2.41)

Below ζ = ζ0, the acceleration uτ is positive and hence the shielding term increases in magnitude with
time, whilst at ζ = ζ0, the acceleration vanishes and uζ < 0 since this level lies between the jets, in
a region of easterly shear. To preserve the balance (2.41), ζ0 descends. Thus we see the downward
propagation of the change in sign of wave forcing is a consequence of the flow evolution at lower levels.
In the absence of viscous dissipation, the evolution described above continues indefinitely. The westerly
jet amplifies and narrows, with westerly wave forcing confined to an increasingly narrow layer, whilst
the easterly jet amplifies and broadens; see figure 5(c).

In the case Λ > 0 with viscous dissipation, the dynamics are modified only where Λ |uζζ | is non-negligible;
in such regions, the viscous term acts to limit maxima of u. The evolution up to the establishment of a
narrow jet at lower levels is therefore qualitatively the same, only with reduced shear.

As the westerly jet narrows, the uζζ term eventually becomes locally dominant (compared to wave
driving) and viscosity acts to dissipate the jet, whilst the easterly jet continues to broaden and amplify;
see figure 5(d). Note that viscosity is unimportant at this stage for the easterly jet as the broadness
means uζζ is small. Once the westerly jet is largely dissipated by viscous diffusion, the acceleration at

large ζ becomes positive: in terms of (2.38), the factor
∫ ζ
0
udζ ′ of the shielding term becomes negative

in the absence of a westerly (positive) jet at low levels, so the acceleration changes sign to become
positive. Similarly, at low levels u becomes largely negative so the local attenuation term provides
negative acceleration.

The dynamics now proceed in a similar but opposite manner, with a new zero of u established at upper
levels and consequently an upper westerly jet forms which broadens and amplifies, whilst the (now) lower
easterly jet amplifies and narrows. Mathematically, the governing equation (2.35) is antisymmetric with
respect to u in the equal and opposite wave forcing case, i.e. if u is subject to positive acceleration,
then −u is subject to negative acceleration, so in either case the same amplification of u arises. Hence
the above explanation of the dynamics applies to each phase in a qualitatively similar but opposite
way. Physically, the stronger easterly jet now inhibits waves with easterly phase speeds better than the
reduced westerly jet inhibits waves with westerly phase speeds, hence the wave forcing at upper levels
drives positive acceleration, with negative acceleration at low levels, in the opposite sense to the previous
phase.
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Figure 5: Representation of the mean flow evolution in Plumb’s QBO model. One half-cycle is shown.
Double arrows indicate wave-driven acceleration, wavy lines broadly indicate the penetration of westward
and eastward waves. Adapted from Plumb (1984).

The above discussion constitutes one half-cycle of the QBO, arising from the two-way feedback between
momentum deposition by waves dissipating close to critical lines and the resulting mean flow acceleration
which modifies said critical lines. To summarise:

1. As waves propagate vertically through the stratosphere, they are damped via mechanical dissipa-
tion, thermal dissipation, or otherwise. Such dissipation results in momentum deposition and local
acceleration of the mean flow in the direction of the dissipated waves’ phase speed.

2. Dissipation of waves is amplified close to critical layers, so that the mean flow inhibits the vertical
propagation of waves with phase speed c where |u− c| � 1.

3. Some perturbation of the static mean flow basic state experiences differential amplification due to
asymmetric dissipation of waves, as above.

4. Oppositely signed jets form, which are amplified by wave forcing. The upper level jet broadens
and the lower level jet narrows due to downward propagation of the effective wave forcing resulting
from feedback by the mean flow.

5. The narrowing jet is eventually removed by viscous dissipation, changing the sign of the differential
amplification of the mean flow and hence setting up the next phase of oscillation.

Plumb found that this instability ceases at Λ = 0.112, since viscosity becomes strong enough to dissipate
perturbations before any interesting dynamics occur. Over the full cycle, the effect of viscosity is largely
unimportant (as |uζζ | is small throughout most of the domain), hence the only relevant timescale is that
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used to define τ , namely

T =
k̂ĉ3

N̂ µ̂F̂
(2.42)

Thus the period is proportional to the timescale T , i.e. P = ηT , with the constant of proportionality η
determined numerically. Plumb found η ≈ 14. Note that the period P is not directly dependent on the
wave periods, but is dependent on the wave momentum flux amplitudes.

In the full non-linear case, the dynamics are once again qualitatively the same, except u is confined to the
range c2 < u < c1, so no critical levels which fully dissipate waves develop, but momentum deposition via
attenuation is present in the same manner as the linearised case. This is consistent with the result that
under the WKB approximation and assuming the mean flow is approximately steady, forcing by internal
waves cannot generate a critical level if none exists originally (Plumb, 1975). However, the maxima of
u do approach the wave forcing phase speeds asymptotically, resulting in almost complete dissipation of
some waves.

The actual stratospheric QBO demonstrates clear asymmetry in wind amplitude as well as other charac-
teristics, which can be imitated in Plumb’s model. In the case of unequal wavevectors or unequal phase
speeds, the vertical penetration of each phase of the oscillation is asymmetric. Since u is restricted
to the range c2 < u < c1, the flow maxima are also asymmetric in the case of unequal phase speeds.
Asymmetry also arises when the momentum fluxes are unequal; if F1 > 0 is larger in magnitude than
F2 < 0 (where F1 (F2) is associated with a westerly (easterly) phase speed), the positive flow regime
moves downward faster and with stronger associated shear. Consequently, the westerly (positive) jet is
longer lived and as a result of shielding, the higher level flow is largely negative. This is reflective of
the real QBO; see figure 1. Note that Plumb and McEwan (1978) demonstrated that the mechanism in
Plumb (1977) may be realised physically in a laboratory experiment.

2.3.3 Model limitations & extensions

The model described thus far assumes a Boussinesq fluid with uniform ambient density. This is not
strictly valid in the mid-atmosphere; the decay of mean density with height gives rise to stratification,
and has distinct effects on the influence of momentum flux and consequently the vertical structure of the
oscillation. Following Lindzen (1971), we may adopt a Boussinesq approximation locally while letting
the mean density depend on ζ, so that (2.27) becomes

∂u

∂τ
− Λ

∂2u

∂ζ2
= −ρ(0)

ρ(ζ)

∑
n

∂Fn
∂ζ

(2.43)

with attenuation rates gn and momentum fluxes Fn unchanged. Further, assuming an isothermal atmo-
sphere, we have ρ(ζ) = ρ(0)e−εζ where ε = h/H with h = N̂ µ̂/k̂ĉ2 the height scale and H a constant.
Formally, this is an application of the method of multiple scales. Then (2.27) becomes

∂u

∂τ
− Λ

∂2u

∂ζ2
= −eεζ

∑
n

∂Fn
∂ζ

(2.44)

In the limit ε → 0 we recover the previous system. In general, the effect of non-zero ε is increased
acceleration of the mean flow at high levels (where εζ is non-negligible) and hence the vertical scale of
the oscillation is increased. Also, the magnitude of viscous effects relative to wave forcing is reduced
at high levels, resulting in two changes to the dynamics. Firstly, the period of oscillation is physically
determined by the time taken for the interior shear layer in the lower jet to become narrow enough for
viscous diffusion to become significant. For small viscosity the layer is located at small ζ where the
effects of non-zero ε are small. However, as the viscosity Λ increases, the interior shear layer moves
to greater ζ where acceleration is more rapid under non-zero ε, so the period decreases. Secondly, the
transition to stability occurs at larger Λ, since the transition occurs when diffusion becomes dominant
throughout the interior of the flow, and ε > 0 decreases the effective viscosity.

In addition to density variations, it is more realistic to use a variable damping coefficient α defined by

α =

{
0.55 + 0.56ζ ζ ≤ 1.97

1.65 ζ > 1.97
(2.45)
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Figure 6: Numerical integration of (2.27), (2.28) and (2.47), (2.48) with variable damping α defined by
(2.45) and boundary conditions u(ζ, 0) = ζ/10, uτ (4, τ) = 0 with the upper boundary at ζ = 4 and 100
spatial grid points. Integrated using 3rd order Adam-Bashforth method.

which is a better representation of the actual damping coefficient in the atmosphere compared with a
constant α. The precise form of damping coefficient and its variation with height remains a factor in
generating a realistic QBO in modern models (Dunkerton, 1997). For this dissipation profile, the level
ζ = 0 corresponds to the level z = 17km in the real atmosphere: see Holton and Lindzen (1972) for
further details. In the model of Holton & Lindzen, effects such as the semi-annual oscillation (SAO)
are also included via parameterisation. The SAO is dominant in the upper stratosphere, as noted in
section 1.2 and may be parameterised by a forcing term

G(ζ, τ) =

{
0 ζ ≤ 1.66

4.37(ζ − 1.66) sin(9.76τ) ζ > 1.66
(2.46)

added to the right-hand side of (2.44). At lower levels, the wave-driven oscillation remains dominant.
More complex numerical models of the QBO need not parameterise the SAO as it is driven by a qualita-
tively similar mechanism to that of the QBO, in particular wave forcing is provided by waves with phase
speeds lying outside the range of QBO wind speeds (Gray, 2010), hence the SAO may arise spontaneously
with suitable representation of these waves.

Perhaps the most crucial alteration necessary to represent a more realistic QBO is the type of waves
which force the mean flow. It was first thought that the QBO forcing is provided by eastward propagating
Kelvin waves and westward propagating Rossby-gravity waves, in which case the attenuation rates are
modified to

gK =
α

kK(u− cK)2
(2.47)

gRG =
α

kRG(u− cRG)2

[
β′

k2RG(u− cRG)
− 1

]
(2.48)

where β′ = β/k̂2ĉ is the modified beta parameter. The different attentuation rates introduce an asym-
metry in the oscillation; the easterly phase of the simulated QBO has greater accelerations and greater
vertical penetration. The precise wave forcing spectrum is an active area of research which is discussed
in the following subsection.

An example of a simulated QBO with variable damping coefficient and forcing provided by Rossby-gravity
and Kelvin waves can be seen in figure 6. Note that density variation and SAO forcing is not included in
this simulation. This relatively simple theory of the QBO mechanism accounts for alternating regimes
of easterly and westerly winds and the downward propagation of such shear zones. The asymmetric
nature of the wind regimes, for example the increased amplitude of easterlies and the faster descent of
westerlies, is well represented with the inclusion of complicating factors such as rotational effects (i.e.
quasi-geostrophic equatorial wave theory from Matsuno (1966)), which alter the attenuation rates of
particular waves, as well as asymmetries in phase speeds and wavenumbers. Some aspects of the QBO
are not enlightened by this model, for example the irregular descent of easterly wind regimes, seasonal
onset preference, and meridional structure.
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2.4 Wave forcing spectrum & momentum budget

The theory developed by Lindzen and Holton (1968), Holton and Lindzen (1972) and Plumb (1977)
attributes the wave forcing driving the QBO to Kelvin and Rossby-gravity waves. Whilst these waves
succesfully generate a QBO in 1D models, Gray and Pyle (1999) found that the momentum flux from
these waves alone is insufficient to drive a realistic QBO in a more complete 2D radiative-dynamical-
photochemical model. Further, Dunkerton (1991, 1997) and McIntyre (1994) note that the equatorial
arm of the Brewer-Dobson circulation (BDC), also referred to as the residual meridional overturning
circulation (RMOC), creates upwelling of around 1km per month in the tropics which roughly doubles
the momentum flux necessary to drive the QBO as observed.

A wide spectrum of atmospheric waves exist in the tropics (Matsuno, 1966) and it is now thought that the
wave-driving of the QBO is provided by a spectrum of these equatorial waves. It has also been suggested
that planetary-scale Rossby waves propagating equatorward from the winter hemisphere may influence
the upper levels of the QBO when the SAO is in its easterly phase (Ortland, 1997), whilst the lower region
of the QBO around 20–23km is relatively well shielded from these waves (O’Sullivan, 1997). Nonetheless,
the majority of the momentum flux is contributed by waves which are predominantly generated by deep
convection in the tropics and propagate upwards. Those relevant to the QBO (Dunkerton, 1997) are
vertically propagating waves with either:

• slow vertical group propagation, which are absorbed due to radiative or mechanical damping at a
rate such that their momentum is deposited at QBO altitudes, or;

• faster vertical group propagation, which are absorbed at critical levels that lie within the range of
QBO zonal wind speeds.

Waves with very short horizontal wavelengths on the order of 10km and less are thought to be vertically
trapped in the troposphere close to the altitude at which they are generated so these are often disregarded
(Baldwin et al., 2001). It should be noted however that short wavelength gravity waves are known to
make significant contributions to the QBO momentum budget and characterising the contribution from
smaller wavelengths is difficult due to constraints in the spatial resolution of observational data.

It is difficult to constrain the period of waves which may contribute to the QBO as long-period waves
dominate spectra of zonal wind and temperature, but higher frequency waves contribute more to mo-
mentum fluxes than may be expected from temperature considerations. The QBO wave-driving is now
attributed to three categories of waves (Gray, 2010):

1. Equatorially-trapped Kelvin and Rossby-gravity waves with eastward and westward phase speeds
respectively; zonal wavenumbers ∼1–4; zonal wavelengths ≥ 104km; periods ≥ 3 days.

2. Inertia-gravity waves which may or may not be equatorially trapped and may propagate eastwards
or westwards; zonal wavenumbers ∼4–40; zonal wavelengths ∼ 103–104km; periods ∼1–3 days.

3. Gravity waves which may propagate in either direction and are found at all latitudes; zonal
wavenumbers > 40; zonal wavelengths < 103 km; periods ≤ 1 day.

Numerical results from Dunkerton (1997) suggest that the flux in all vertically propagating waves
(planetary-scale equatorial modes, intermediate-scale inertia-gravity waves and mesoscale gravity waves)
is sufficient to drive a realistic QBO with Brewer-Dobson upwelling present, provided the total wave flux
is 2 − 4 times that obtained from large-scale, long-period Kelvin and Rossby-gravity equatorial modes.
It is found that planetary-scale equatorial modes account for only around 40% of the observed Eliassen-
Palm flux within 15◦ degrees of the equator. Small wavenumbers are almost entirely responsible for the
flux in fast waves, whilst slower phase speeds (which dominate the contribution to the QBO) account for
most of the Eliassen-Palm flux, though most of this flux is attributable to wavenumbers much greater
than 20.

Details on the spectra of waves which drive the QBO can also be derived empirically, by various regression
analyses (Yang et al., 2011). Dominant propagation parameters such as zonal wavenumber, zonal phase
speed, period, vertical wavelength and vertical group velocity can be found. Identifying the spectra of
each wave mode is difficult due to effects such as Doppler shift, meaning that separate waves are not
distinct in the frequency and zonal wavenumber domain due to the varying windspeeds through the
stratosphere.
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By far the greatest difficulty with determining the wave forcing spectrum is a lack of spatial and temporal
resolution (Baldwin et al., 2001; Yang et al., 2011) though the continuing growth in available satellite
observations and more powerful atmospheric models allow better insight today. Pahlavan et al. (2021a)
present an analysis of the QBO momentum budget (i.e. contributions to the necessary momentum
flux) using the ERA5 reanalysis6. Compared with older reanalyses, the higher spatial resolution in
ERA5 allows a broader spectrum of waves to be resolved, and better representation of wave/mean-flow
interaction in the model, which increases the resolved momentum forcing. Improving vertical resolution
is known to have a larger effect than improved horizontal resolution (Holt et al., 2016).

The momentum budget is evaluated in terms of three contributions: meridional advection, vertical
advection, and wave forcing. The primary contribution of advection terms is to damp the outer edges of
QBO wind regimes, which is consistent with energy considerations; meridional motions are known to be
thermally indirect, converting kinetic energy into available potential energy, which is subject to radiative
damping (Wallace, 1973). The contribution from wave forcing is split into waves with wavenumber less
than 20 and greater than 20. The total EP flux divergence is consistent with general circulation models
(GCMs) where gravity waves are modelled explicitly, indicating the reanalysis succesfully captures the
total momentum budget. It is found that planetary scale waves (wavenumber less than 20) and mesoscale
gravity waves (wavenumber greater than 20) have comparable contributions. Planetary-scale waves make
a stronger contribution to the descent of westerly regimes, with Kelvin waves dominating the momentum
flux (Ern and Preusse, 2009), whilst mesoscale gravity waves are primarily responsible for periods of
rapid descent of easterly regimes. The intermittency of gravity waves is therefore of importance to QBO
dynamics; it remains an open question how the intermittency arises and in what sense the QBO itself
modulates gravity wave activity (Ern et al., 2014).

The unresolved wave forcing, from waves with wavelengths below the grid scale of the reanalysis data,
accounts for ∼ 40% of the total forcing in easterly zones, agreeing qualitatively with previous studies
which conclude small scale waves are essential for driving the QBO (Dunkerton, 1997; Ern and Preusse,
2009). This unresolved forcing may be further split into that captured by gravity wave parameterisation
and a re-analysis correction from errors in the numerical representation of the QBO momentum balance.
A significant area of future study therefore lies in improving the modelling of gravity waves, either
spontaneously generated as in GCMs or parameterised as in ERA5.

2.5 Meridional confinement

The theory presented thus far does not seek to explain the meridional structure of the QBO. The
confinement of the QBO to the tropics may be attributed to two reasons: first, that a large source of
momentum flux, from equatorial waves, is generated only near the equator; secondly and perhaps most
importantly, that the response of the mean flow to wave-forcing is latitude dependent (Haynes, 1998).
To see this, consider the TEM equations governing the longitudinally symmetric mean flow in their full
form, including the effects of rotation, sphericity and compressibility.

∂u

∂t
− fv∗ = ∇ ·F (2.49)

f
∂u

∂z
+

R

aH

∂T

∂θ
= 0 (2.50)

∂T

∂t
+ w∗

HN2

R
= µ(T0 − T ) (2.51)

1

a cos θ

∂

∂θ
[v∗ cos θ] +

1

ρ0

∂

∂z
[ρ0w

∗] = 0 (2.52)

These equations express, respectively, the zonal momentum equation, thermal wind balance, the ther-
modynamic equation and the mass continuity equation. Here, z is in log-pressure coordinates with H

6 Reanalysis datasets combine observational data with atmospheric models, so care must be taken in drawing conclu-
sions from the results as they are neither fully empirical or fully theoretical, meaning errors may lie in our theoretical
understanding or a defficiency (e.g. of resolution) in the data. For example, Pahlavan et al. (2021a) assume all unresolved
forcing in the reanalysis is related to mesoscale gravity waves, but also note inaccuracies in the parameterisation of gravity
waves in the atmospheric model. Further study is therefore essential in order to identify where the misrepresentation lies.
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the associated scale height, R is the gas constant, N2 is the usual buoyancy frequency (a function of
z only), and T0, ρ0 are reference temperature and density both dependent on z only. We can form an
equation relating u and ∇ · F ; (2.52) and (2.51) eliminate w∗, (2.50) then eliminates T , and finally
(2.49) eliminates v∗. It is illustrative to assume harmonic time-dependence in line with the idea of an
oscillating zonal wind, hence we assume u = <(ûeiωt) and ∇ ·F = <(F̂ eiωt). We have

∂

∂θ

[
1

cos θ

∂

∂θ

(
û

cos θ

sin θ

)]
+

4Ω2a2

ρ0

(
1− iµ

ω

)
sin θ

∂

∂z

[
ρ0
N2

∂û

∂z

]
=

1

iω

∂

∂θ

[
1

cos θ

∂

∂θ

(
F̂

cos θ

sin θ

)]
(2.53)

The response of the mean flow to the wave-forcing is determined by the relative sizes of the left-hand
side (LHS) terms. If the response is largely in v∗ or w∗, the dominant behaviour is a mean meridional
circulation. If the response is largely in u then the dominant behaviour is an acceleration of the mean
zonal flow. Now note that if the first LHS term dominates the second, then the response is in u. If
the second LHS term dominates the first, then the response is in ∂u/∂z and from (2.50) this induces a
response in T . Then, from (2.51) and (2.52), the response is in v∗, w∗ and a mean meridional circulation
is the dominant behaviour.

Haynes (1998) invokes a latitudinal scale L and vertical scale D for the mean flow response and the
applied force. Note that for an oscillation with period around 2 years, ω ∼ 10−7s−1 and in the lower
stratosphere |µ| ∼ 5 × 10−5s−1, so the factor 1 − iµ/ω may be approximated by −iµ/ω. Consider low
latitudes where Ω � 1 so that sin θ ∼ θ ∼ L/a and cos θ ∼ 1. The ratio of the first to the second term
is then

D2N2a2ω

4Ω2L4µ
(2.54)

Thus when there is ‘deep forcing’, i.e. the latitudinal scale is sufficiently large that L�
√
aDN/2Ω(ω/µ)1/4

the second term is dominant and the response is a mean meridional circulation. If instead the latitudi-
nal scale is sufficiently small that L�

√
aDN/2Ω(ω/µ)1/4, known as ‘shallow forcing’, the first term is

dominant and the response is a mean zonal flow acceleration.

The distinction in responses to an applied force at small and large latitudinal scales arises due to the close
link between temperature and mean meridional circulation, expressed by thermal wind balance (2.50)
and the thermodynamic relation (2.51). A shallow force generates shear which via thermal wind balance
induces a temperature anomaly. Such an anomaly is necessarily associated with a meridional circulation
from which the Coriolis force balances the applied force. Further, the temperature anomaly is thermally
damped which limits the response amplitude. A deep force produces a much smaller temperature
response so the amplitude is not limited and the response is dominated by zonal flow acceleration.

Close to the equator, the Coriolis parameter is small so that essentially all forces are deep. Therefore, in
the tropics, wave forcing typically produces a response in the mean zonal flow which lasts much longer,
as seen in the QBO, rather than a meridional circulation which cannot be sustained for long periods due
to damping.

2.6 Temperature anomalies & meridional circulation

The temperature anomaly associated with the QBO exists owing to thermal wind balance. This balance
is present since QBO dynamics have a long period and are equatorially symmetric; (2.50) is modified for
the equatorial β-plane using the (equatorial) local Cartesian coordinate y = θa, approximating sin θ ≈ θ,
and finally assuming that T is maximised at the equator, hence ∂T

∂θ ≈
∂2T
∂θ2 θ. Then we have

∂u

∂z
= − R

Hβ

∂2T

∂y2
(2.55)

where z is in log-pressure co-ordinates and H ≈ 7 km is the associated scale height.

Temperature anomalies of approximately 4 K have have been observed, maximising near 30–50 hPa
(Randel et al., 1999). Assuming a meridional scale L, observations of ∂u/∂z imply L ∼ 1000− 1200 km
which is around 10◦ of latitude, broadly consistent with the observed Gaussian structure of the wind
ampltiude with a half-width of 12.5◦.
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Figure 7: Schematic illustration of mean meridional circulation, QBO wind and associated temperature
anomaly in latitude-altitude plane. Solid contours indicate surfaces of constant temperature, dashed
contours indicate surfaces of constant zonal wind. Arrows indicate motion of mean meridional circulation
with red/blue colouring indicating positive/negative zonal wind acceleration. Temperature anomalies
coloured blue are cold, and red are warm. Note that the z axis as shown represents the low-to-mid
stratosphere.

Due to thermal wind balance between temperature and vertical wind shear, warm anomalies are associ-
ated with the descending westerly7 (DW) phase where the vertical zonal wind shear is positive (figure 7a)
and cold anomalies are associated with the descending easterly (DE) phase (figure 7b). Note that ra-
diative damping means temperature anomalies require some form of heating or cooling to be sustained.
According to Plumb and Bell (1982a,b), adiabatic heating in the DW phase is provided by the sinking
motion of an induced (weak) meridional circulation and similarly in the DE phase, cooling is provided
by the rising motion of this QBO-induced meridional circulation. In fact, meridional motions may be
deduced to exist from the meridional structure of zonal wind alone; according to Hide’s theorem, a
conserved quantity (such as angular momentum) in steady state cannot reach a maximum in the fluid
interior, as diffusion dissipates any maximum and advection cannot replace it. Hence the maximum in
zonal wind at the equator must be facilitated by a meridional circulation.

In section 1.2 it was noted that westerly shear zones descend more rapidly and regularly than easterly
shear zones. It has been suggested that the sinking motion during the DW phase may explain the
greater rate of descent of this phase; the downward advection of momentum associated with the QBO-
induced meridional circulation enhances the previously discussed mechanism by which the zonal winds
descend. A further effect of the momentum advection by the meridional circulation is a broadening of
the latitudinal width of the DE phase and a narrowing of the DW phase (Gray, 2010).

The irregular descent of easterly shear zones compared to westerly shear zones may be attributed to
the residual meridional circulation (Brewer-Dobson circulation) with annual variability. The apparent
stalling in downward propagation (e.g. early 1989, 30–50 hPa in figure 1) may be inhibited by the
upwards advection of momentum associated with the residual circulation. The annual variability of
the circulation, which results in a minimum in the strength of equatorial upwelling during Northern
Hemisphere spring–summer, leads to step-like behaviour in the descent of the shear zone. This effect
of annual variability may also contribute to the seasonal onset preference; see figure 2 and Gray (2010).
Further, mesoscale gravity wave activity is at maximum during periods of rapid descent of easterly
shear zones (Pahlavan et al., 2021a) and the intermittency of gravity waves, potentially as a result of
modulation by the QBO itself (Ern et al., 2014; Pahlavan et al., 2021a), adds to the irregular descent.

3 Extratropical influence of the QBO

Whilst the QBO is an interesting case study of atmospheric dynamics in and of itself, it is perhaps
most important to understand due to its far-reaching influence in the extratropical atmosphere. Owing

7Whilst QBO phase is typically in terms of the sign of 50 hPa winds in the lower stratosphere, alternative naming is
used here to aid relation with the dynamical motions. The descending westerly (easterly) phase corresponds to westerly
(easterly) winds in the mid-stratosphere and easterly (westerly) winds in the lower stratosphere.
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to the equatorial confinement of the QBO, pathways of influence on the wider atmosphere are indi-
rect and consequently discussed in terms of the modulation of variability otherwise independent of the
QBO. Contextualising the role of the QBO among global atmospheric dynamics therefore requires un-
derstanding which modes of variability are modulated by the QBO and the mechanisms underlying this
modulation. In this section we discuss three examples, two of which relate to the stratospheric polar
vortex: the Holton-Tan effect demonstrates influence via modification of wave propagation, and the
combined influence of westerly QBO phases and solar maximum conditions demonstrates modulation
via the strengthening of an independent mode of variability. Finally, we discuss the modulation of El
Niño-related wave propagation via modification of tropospheric winds.

3.1 Stratospheric variability

The extratropical stratosphere exhibits much greater seasonal variability compared to the tropical strato-
sphere or extratropical troposphere. In winter months, reduced solar heating creates a strong meridional
temperature gradient and hence strong shear of the zonal wind to maintain thermal wind balance. The
cooling of the high-latitude stratosphere forms a deep, strong westerly vortex known as the polar (strato-
spheric) vortex. During summer, the return of solar heating reverses the temperature gradient and the
zonal wind tends to become easterly.

In addition to seasonal variations in solar heating, the dynamics are modified by the effects of planetary
Rossby waves8 which typically have zero horizontal phase speed (quasi-stationary) and are generated
by land-sea contrasts and orography/topography. These waves propagate vertically and meridionally,
depending on the background flow which may be thought of as refracting the waves. Their effects are
mostly confined to the winter hemisphere as planetary waves can only propagate in a westerly mean
zonal wind and become evanescent in the mean easterly winds of summer. Further, the NH has much
greater land-sea contrasts and larger amplitude orography hence NH winter exhibits stronger effects of
planetary Rossby waves compared to SH winter.

Dynamical variability from planetary waves predominantly arises in two ways: waves propagating up
from the troposphere, so that stratospheric variability derives from tropospheric variability where the dy-
namics are more unstable (e.g. baroclinic instability); or from oscillatory/complex behaviour as a result
of wave–mean-flow interaction and also wave self-interaction. These variabilities occur on large scales, as
only wavenumbers 1 and 2 tend to reach the stratosphere (Charney and Drazin, 1961). The most striking
influence of planetary Rossby waves interacting with the mean flow (for which the essential details may
be found in Andrews and McIntyre (1976)) is sudden stratospheric warming (SSW). In winter, planetary
waves of large amplitude dissipate or break in the stratosphere, weakening the westerly flow, allowing
more waves to propagate upwards into the stratosphere. Eventually, this positive feedback causes the
winds to reverse, forming a critical layer u = 0 since most planetary waves are quasi-stationary. This
layer completely inhibits upward propagation, greatly increasing wave breaking in the layer and rapidly
inducing an easterly flow. The reversed flow is associated with a reversed meridional temperature gradi-
ent by thermal wind balance, and hence the high-latitude mid-stratosphere rapidly warms (Dunkerton
et al., 1981). These events can either displace the polar vortex or split it in two, which has important
consequences for tropospheric dynamics which are responsible for the weather we experience day-to-day
on smaller scales.

The NH stratosphere is sensitive to the effects of vertically propagating planetary waves; typical ampli-
tudes are just large enough to trigger SSWs in some years but not others, leading to variable polar vortex
strength year-to-year. This sensitivity allows the QBO to influence the polar stratosphere by acting as
a waveguide for planetary waves propagating upwards and polewards from mid-latitudes. However, the
sensitivity means the polar vortex is also influenced by multiple external factors: the 11-year solar cycle,
the El Niño Southern Oscillation, sea surface temperature anomalies, and volcanic eruptions all play a
role (Anstey and Shepherd, 2014) which makes isolation of a QBO modulation signal difficult. It has
also been noted by Camp and Tung (2007) that once the polar vortex becomes disturbed due to one of
these external factors, its sensitivity to other influences is decreased.

8Planetary Rossby waves may be referred to simply as planetary waves. Note that ‘planetary-scale waves’ are not
necessarily planetary Rossby waves, they are large wavelength variants of some wave mode which is usually clear from
context.
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3.2 Holton-Tan relationship

Despite the complex nature of the polar vortex in the Northern Hemisphere, observations clearly demon-
strate a relationship between QBO phase and vortex variability. The first evidence was provided by
Holton and Tan (1980, 1982) using observations of NH 50 hPa geopotential heights9 during 16 NH win-
ters from 1962–1977. They found a statistically significant decrease during the DE phase of the QBO,
which corresponds to a stronger westerly polar vortex, resulting in colder and less disturbed winters.
In the DW10 phase, the vortex is weaker owing to increased disruption from planetary waves, which is
associated with warmer and more disturbed winters.

Holton and Tan (1980) proposed a mechanism for this relationship based on modulation of the subtropical
zero-wind line u = 0 which acts as a critical line for the quasi-stationary planetary waves propagating
upwards from the troposphere. They suggest that the critical line is shifted polewards during a DW
phase, narrowing the mid-latitude waveguide and enhancing reflection/refraction of planetary waves
towards the pole. This results in deceleration of the polar vortex. Under a DE phase, the critical line is
instead located in the summer hemisphere so that planetary waves can propagate into the tropics more
easily and are less confined in the winter hemisphere, leaving the polar vortex less disturbed.

According to Lu et al. (2014) and Garfinkel et al. (2012) the QBO modulation of the subtropical critical
line is only a small part of the mechanism. Instead, they provide observational evidence to support
a mechanism involving the QBO-induced meridional circulation: composite differences between QBO
phases demonstrate that significant changes of EP flux occur in the middle to upper stratosphere and
correspondingly, modification of the refractive index (Garfinkel et al., 2012). The anomalies in the
refractive index expand poleward in winter and create a ‘barrier’ to planetary wave propagation which
enhances wave convergence in the polar region and destabilises the polar vortex. To elucidate this
mechanism further, it is valuable to consider the planetary wave refractive index in detail and how the
mean flow modifies it.

3.2.1 Planetary wave propagation dynamics

Planetary waves arise from conservation of potential vorticity and may be captured mathematically by
perturbations of vorticity ζ ′. Following Matsuno (1970), we consider small amplitude perturbations
to a basic state (the mean flow in our case) in geostrophic balance, i.e. using the quasi-geostrophic
framework. Assume the motion is adiabatic, frictionless, slowly varying in time, and of planetary scale
in the zonal direction. We will use spherical coordinates (z, θ, λ) where θ is latitude, λ is longitude and
z = −H log p/p0 is in log-pressure coordinates. The equation describing planetary waves is derived from
the vorticity equation written in the form(
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and the thermodynamic equation(
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where ζ ′ is the vorticity perturbation, ζa is the absolute vorticity of the basic state, φ′ is the geopotential
perturbation and ω is the angular speed of the basic zonal flow, defined via u = aω cos θ. We wish to
eliminate the meridional and vertical velocity perturbations (v′, w′) and vorticity disturbance ζ ′. First,
w′ is eliminated to give the potential vorticity equation(
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where vg is the geostrophic meridional velocity and q is the quasi-geostrophic potential vorticity of the
basic state. To eliminate ζ ′ and v′ we use geostrophic wind balance and the zonal equation of motion,

9In vertical pressure co-ordinates, pressure gradients become gradients of geopotential height (GPH), hence GPH
anomalies correspond to pressure anomalies.

10Holton and Tan (1980) refer to this phase as an easterly phase, since they define the phase based on the 50 hPa (lower
stratosphere) zonal wind sign.
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assuming a stationary state, to find
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Combining (3.3), (3.4) and (3.5) we have
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The coefficients of φ′ in (3.6) are independent of λ, so we can expand in a Fourier series

φ′(λ, θ, z) =

∞∑
k=1

φk(θ, z)eikλ (3.7)

Further, assuming an isothermal atmosphere which is a useful approximation in the stratosphere (also
used in section 2.3.3), we define

ψk(θ, z) = e−z/2Hφk(θ, z) (3.8)

Finally we have an equation describing ψk, which encapsulates planetary Rossby wave disturbances to
the mean flow. The wave equation is

L(θ)ψk + n2kψk = 0 (3.9)

where the modified meridional Laplacian operator L(θ) is given by
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and the refractive index squared n2k is
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The latitudinal derivative of the QGPV can be written for an isothermal atmosphere as
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Planetary waves can propagate where n2k > 0 and become evanescent where n2k < 0 (Plumb, 2010). The

dominant contributions to n2k are the mean zonal wind u, the meridional shear term − 1
a2 ( (u cos θ)θ

cos θ )θ,

the vertical shear term ( f2

HN2 + f2

N2
dN2

dz )uz, and the vertical curvature term − f2

N2uzz (Lu et al., 2014).
It is anomalies of these terms which give rise to the anomalous refractive index in the QBO-induced
meridional circulation mechanism of the Holton-Tan effect of Lu et al. (2014) and Garfinkel et al. (2012).

3.2.2 Meridional circulation mechanism of polar vortex modulation

The mechanism by which the easterly phase of the QBO disturbs the stratospheric polar vortex can
be understood in terms of the induced temperature, zonal wind, circulation anomalies and their effect
on refractive index, and consequently planetary wave propagation. Whilst it is clearest to describe
the mechanism in ‘steps’, it should be stressed that these anomalies form almost simultaneously via
(for example) thermal wind balance and geostrophic balance rather than in succession. Note that the
mechanism is subject to deviation based on stratospheric circulation, which may disrupt and weaken the
Holton-Tan effect, as observed during 1978–1997 (Lu et al., 2008, 2014).

During winter, the change in temperature gradient due to solar heating strengthens the QBO-induced
meridional circulation discussed in section 2.6. This circulation acts to form a quadrupole11 of temper-
ature anomalies: see figure 8. In this figure, the QBO-induced circulation discussed previously is shown
by solid black arrows.

11There are in fact further temperature anomalies in the upper stratosphere, but these are not necessarily relevant to
this mechanism.
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Figure 8: Schematic diagram showing QBO-induced meridional circulation mechanism of the Holton-Tan
relationship. QBO zonal winds and associated zonal wind anomalies are shaded: solid (dashed) lines
indicate westerly (easterly) winds. Temperature anomalies shown in red (warm) and blue (cold). QBO-
induced meridional circulation shown by solid black arrows, anomalous circulations shown in shaded
arrows. Planetary wave refractive index anomalies shown in green: dotted (dash-dotted) lines indicate
positive (negative) anomaly. Planetary waves indicated by green wavy lines.

Owing to thermal wind balance, the lower stratosphere temperature dipole causes the easterly zone of
QBO winds to branch down and polewards (see Pahlavan et al. (2021b), section 3). Therefore, the
quasi-stationary planetary Rossby wave critical line u = 0 moves polewards, enhancing wave breaking
in the lower subtropical stratosphere between 20◦ − 30◦N, indicated in the figure by wavy green lines.
The resulting easterly acceleration of the mean flow propagates the branching of the easterly QBO wind
further polewards. Moreover, the acceleration strengthens the curvature of the flow ∝ uzz/u so that a
positive n2 anomaly forms, indicated by the dotted green region.

The poleward propagation of the easterly branching and the resulting easterly acceleration due to wave
breaking induces a meridional circulation with upwelling near the equator and downwelling between
30◦ − 50◦N. This anomalous circulation is represented by shaded arrows near the tropopause in figure 8
and reinforces the QBO-induced circulation (solid arrows) higher in the stratosphere. The meridional
and vertical gradients of the zonal flow generate a negative n2 anomaly around 35◦ − 45◦N, 5–50 hPa,
indicated by the dash-dotted green region.

Planetary waves are evanescent in regions of negative n2 and the anomaly tends to refract upward
propagating planetary waves poleward, that is, a mid-stratosphere waveguide (MWG) is formed. The
decreased mid-latitude stratosphere wave forcing as a result of the MWG increases wave forcing in the
polar stratosphere. According to the ‘downward control’ principle of Haynes et al. (1991), this drives
an anomalous circulation (shaded arrows at high latitude) which acts to warm the polar stratosphere.
The polar vortex is weakened by the easterly acceleration of the increased planetary wave forcing, which
causes descent of the critical line and hence a descent of the anomalous wave forcing and circulation, so
that the stratospheric warming descends as observed (Garfinkel et al., 2012).

The mechanism can be compared with observations by considering the effect on the Eliassen-Palm (EP)
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flux divergence, given in terms of the potential temperature θ (using φ to denote latitude) by

∇ ·F =
1

a cosφ

∂

∂φ

(
F (φ) cosφ

)
+
∂F (z)

∂z
(3.13)

F (φ) = ρ0a cosφ

(
v′θ′

θz
uz − v′u′

)
(3.14)

F (z) = ρ0a cosφ

[(
f − 1

a cosφ

∂

∂φ
(u cosφ)

)
v′θ′

θz
− w′u′

]
(3.15)

Lu et al. (2014) presents such an analysis of QBO phase composites which illustrates the effect of the
easterly QBO phase on the EP flux divergence. The foregoing mechanism described suggests increased
EP flux convergence should be observed in the polar stratosphere and lower subtropical stratosphere,
with increased EP flux divergence in the mid-latitude and subtropical mid-stratosphere due to the
refraction of planetary waves poleward. Additionally, the QBO-induced circulation is associated with
EP flux divergence regions due to the poleward arm, and a stronger EP flux convergence region due to
the equatorward arm. These regions are observed in the QBO phase composites of Lu et al. (2014) and
also found in numerical simulations using quasi-geostrophic and linear theory (Garfinkel et al., 2012).

Lu et al. (2014) suggest the QBO phase composites support the meridional circulation mechanism over
the critical line mechanism of Holton and Tan (1980, 1982). Instead of polewards anomalous wave forcing
due to a shift in the critical line, observed EP fluxes indicate increased planetary wave propagation toward
the subtropics in the upper stratosphere, as a result of positive refractive index anomalies at 30−−45◦N
above the MWG. These anomalies arise due to branching of the westerly QBO winds polewards and
upwards into the region. However, it could be argued that whilst the evidence suggests the critical line is
unimportant in the middle to upper stratosphere, the branching of easterly QBO winds in the subtropical
lower stratosphere is the key to the meridional circulation mechanism. This is indeed a modification of
the zero-wind critical line, as put forward by Holton & Tan. In this sense, the meridional circulation
mechanism is an extension/elaboration of the critical line mechanism rather than a replacement.

An important area of study mentioned but not clarified in Lu et al. (2014) is the dependence of QBO
composites on the length of temporal average (Lu et al. (2014) and previous studies use 3-monthly
averages), which is highlighted by Watson and Gray (2013) as the extratropical dynamics can influence
the QBO-induced meridional circulation at later times which can obfuscate the proposed Holton-Tan
mechanism. Further, studies such as Yamashita et al. (2011) (and mentioned in Gray (2010)) highlight
the sensitivity of the Holton-Tan effect to the reference level used to define QBO phases, i.e. QBO
anomalies at 10 hPa demonstrate correlation with polar vortex behaviour, but anomalies lower in the
stratosphere are less correlated. There is clear disagreement between studies: Naito and Yoden (2006);
Hitchman and Huesmann (2009); Garfinkel et al. (2012) find the strongest HT effect when using lower
stratospheric QBO wind anomalies, whilst Gray et al. (2001); Gray (2003) highlight the importance of
the upper stratospheric QBO, and the above discussion due to Lu et al. (2014) focuses on the entire mid
to low stratosphere.

3.3 Influence of westerly QBO and solar-maximum conditions

The Holton-Tan relationship demonstrates that the westerly QBO tends to leave the stratospheric polar
vortex less disturbed compared with during an easterly QBO phase. As discussed in section 3.1, many
external influences such as solar activity can further modulate the Holton-Tan relationship. During
the westerly phase of the QBO under solar maximum conditions, observations suggest that the polar
vortex is not only less disturbed but in fact strengthened during December–January, followed by a
weaker polar vortex during February and March (Anstey and Shepherd, 2014). Note that Yamashita
et al. (2015) suggest the weakened polar vortex in late winter may not be specific to westerly QBO and
solar maximum conditions, but may simply require a strengthened polar vortex in early winter. The
dynamical response leading to a strengthened polar vortex is thought to rely on the combined westerly
QBO and solar maximum dynamical responses and their effect on planetary wave propagation. The
effects of each of these conditions are of the same ‘sign’, so when combined the response is reinforced.
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Figure 9: Schematic diagram of the dynamical response to westerly QBO phase. Zonal winds are shaded,
solid outlines are westerly and dashed outlines are easterly. QBO-induced meridional circulation shown
by solid arrows, additional circulation anomaly shown by shaded arrows. Temperature anomalies indi-
cated by blue (red) regions indicating cold (warm) anomaly. Anomalies of Eliassen-Palm flux divergence
shown in green regions. Green wavy lines indicate anomaly of planetary wave propagation.

3.3.1 Dynamical response of the upper extratropical stratosphere

Solar activity varies on an 11-year cycle. The variable heating and resulting temperature gradient
in the winter hemisphere is strengthened during solar maximum and reinforced by other temperature
anomalies associated with ozone heating (Gray, 2010). The mechanism by which westerly QBO–solar
maximum (wQBO/Smax) conditions influences the polar vortex relies on the presence of a zonal wind
anomaly in the upper stratosphere/lower mesosphere, but the cause of this anomaly is subject to debate.
Nonetheless, given the presence of this anomaly, a mechanism is proposed by Yamashita et al. (2015)
which is based on the subsequent tropospheric response to wQBO/Smax conditions.

Yamashita et al. (2011) note a dynamically consistent relationship between zonal wind, temperature,
planetary wave forcing, and circulation anomalies in response to a poleward shift of the critical line u = 0
in the upper stratosphere during the westerly QBO phase, shown schematically in figure 9. The poleward
movement of the critical line enhances planetary wave forcing, propagating the QBO-induced meridional
circulation further north, indicated by the green region. The circulation drives a warm anomaly at mid-
latitudes, which acts to support a westerly anomaly (shaded region) around 60◦N. This anomaly may
also be attributed to the dipole of wave forcing with increased EP flux convergence near the critical line
and a corresponding EP flux divergence anomaly at 60◦N. As a result of the westerly anomaly, upward
propagating planetary waves in the high-latitudes are suppressed which reinforces the anomaly further.
The westerly anomaly and mid-latitude warm anomaly are associated with an anomalous circulation
at mid–high latitudes (shaded arrows) which cools the polar stratosphere. The combination of polar
cooling and westerly wind anomaly strengthens the polar vortex. The dynamical effect leading to the
strengthened polar vortex are supported by observations of a mid–high latitude upper–mid stratosphere
(10–50 hPa) EP flux divergence anomaly.

The dynamical response to solar maximum conditions is described by Kodera and Kuroda (2002) and
shown schematically in figure 10. The strong latitudinal temperature gradient during solar maximum in
the winter hemisphere drives a westerly anomaly in the mid-latitude upper stratosphere. The westerly
anomaly suppresses upward propagating planetary waves, driving a circulation in the same manner as
under westerly QBO conditions (solid arrows). Observations and models detailed by Kodera and Kuroda
(2002) show a mid–high latitude downward EP flux and divergence anomaly, corresponding to suppressed
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Figure 10: Schematic diagram of the dynamical response to solar maximum in winter hemisphere. Zonal
wind anomalies are shaded, solid outlines are westerly and dashed outlines are easterly. Anomalous
circulation shown by solid arrows. Temperature anomalies indicated by blue (red) regions indicating
cold (warm) anomaly. Green wavy lines indicate anomaly of planetary wave propagation.

planetary wave propagation. The residual circulation driven by the EP flux anomaly is consistent with
the downward control principle (Haynes et al., 1991) and a cooling of the polar stratosphere, which by
thermal wind balance strengthens the polar vortex zonal winds.

3.3.2 Tropospheric response to a strengthened polar vortex

Following the strengthened polar vortex in December, a negative anomaly of sea level pressure (SLP)
at high latitudes is observed with increasing magnitude in December and January during wQBO/Smax
conditions. The anomaly is a deviation from the mean state in which a low pressure region persists
over Iceland, known as the ‘Icelandic low’, in the far North Atlantic. The negative anomaly strengthens
this low, producing a zonally asymmetric mean state resembling the North Atlantic Oscillation (NAO)
which exhibits a similar pressure anomaly. A positive pressure anomaly is also seen in the mid-latitude
Atlantic, intensifying the ‘Azores high’ in December and January. The observed north-south dipole
intensifies surface zonal wind and from (3.11) and (3.12), the increased meridional shear generates a
positive n2 anomaly. Yamashita et al. (2015) note that the NAO-like dipole response is seen in 500 hPa
geopotential height as well as surface geopotential height, indicating the anomalies are present throughout
the depth of the troposphere. They note that such a zonally asymmetric response is characteristic of
the tropospheric circulation response to an anomalous polar vortex, with a strengthened polar vortex
producing a positive NAO-like anomaly.

The zonal asymmetry is important since the k = 1 planetary wave (henceforth referred to as wavenumber
1 or WN1) has similar zonal asymmetry; see figure 11a. The constructive interference of the climato-
logical and anomalous geopotential height (from WN1) drives an upward EP flux anomaly in the mid-
latitudes. Consequently, the mid–high latitude stratosphere exhibits anomalous upward propagation of
planetary waves and hence the EP flux convergence around the polar vortex is strengthened. In the
same manner as easterly QBO conditions, the increased wave forcing weakens the polar vortex. The
dynamical response to wQBO/Smax demonstrates how planetary waves of different wavenumber can
play different roles: the k = 2 planetary wave (henceforth WN2) has a geopotential height anomaly out
of phase with the climatology, hence the destructive interference drives an EP flux divergence anomaly
in the mid-latitude troposphere; see figure 11b. The resulting westerly anomaly supports the zonal wind
anomaly driven by the strengthened polar vortex in December and January, maintaining the NAO-like

25



φ > 0

φ < 0

φ′ < 0

φ′ > 0

(a)

φ < 0

φ > 0

φ′ > 0

φ′ < 0

(b)

Figure 11: Schematic diagram of climatological 500 hPa geopotential height φ (a) WN1 and (b) WN2
components given in Yamashita et al. (2015) figure 7. Zero contour of φ shown in solid black lines. Red
(blue) regions show positive (negative) anomalies φ′.

response into February and March whilst WN1 planetary waves propagate upwards and disturb the
polar vortex.

3.4 Modulation of El Niño influence

Whilst the modulation of solar maximum conditions is best observed in the North Atlantic region,
modulation of another important recurrent phenomenon, the El Niño Southern Oscillation (ENSO), is
best observed in the North Pacific (NP) region. ENSO is an episodic variation in winds and sea surface
temperatures (SST) over the tropical eastern Pacific ocean, composed of two phases: warm ENSO or El
Niño (EN), and cold ENSO or La Niña (LN).

EN periods are associated with a positive pressure anomaly in the tropical western Pacific. The changes
in SST and surface pressure are related to extremes of weather in many extratropical regions; one
mechanism by which the North American continent is influenced is via a low pressure anomaly in the
North Pacific ocean during EN periods. The influence of North American weather via this anomaly is
referred to as a teleconnection and has been shown to be modulated by the QBO phase (defined at 50
hPa); Garfinkel and Hartmann (2008), Barnston et al. (1991) show in particular that under an easterly
QBO phase, the low pressure anomaly associated with EN is weaker than under a westerly QBO phase,
hence the NP teleconnection is stronger under westerly QBO.

El Niño teleconnections with the North Pacific are also related to planetary Rossby wave propagation.
The increase in SST associated with El Niño periods drives anomalously strong convection in the tropical
pacific, acting as a source of vorticity which generates a ‘Rossby wave train’ propagating northwards to
influence NP and Canada (Hoskins and Karoly, 1981).

Garfinkel and Hartmann (2010) suggest 3 potential pathways for the QBO to influence EN teleconnec-
tions:

• Direct effects on divergent outflow from EN anomalous convection.

• Direct weakening of the North Pacific low pressure anomaly under easterly QBO.
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Figure 12: Schematic diagram of zonal wind anomalies during westerly QBO phase. Solid (dashed)
shaded regions are positive (negative) anomalies. Anomalous El Niño convection indicated by red region
at equator. Subtropical jet indicated by red region at 30◦N. Propagation of planetary Rossby waves
indicated by green wavy lines.

• Influence on Pacific tropospheric winds, hence modulating planetary wave propagation.

The first two pathways are shown to account for at most half of the geopotential height anomalies in
the North Pacific, hence we focus on the mechanism by which the QBO can modify planetary wave
propagation in the troposphere. The branching of QBO zonal wind anomalies due to thermal wind bal-
ance was discussed with reference to the Holton-Tan relationship in section 3.2.2, and here the extension
of wind anomalies into the troposphere is important again. Crooks and Gray (2005) identify easterly
anomalies in the deep tropics and mid latitudes, with westerly anomalies in the subtropics (near 35◦N)
and high latitudes during westerly QBO. These wind anomalies are broadly in geostrophic balance with
geopotential height anomalies. Garfinkel and Hartmann (2010) use a shallow water model to investigate
the effect of these wind anomalies; a shallow water model is used as it is simplistic but still resolves
Rossby waves. The anomalous convection associated with El Niño is represented by a source of vorticity
in the deep tropics, and QBO wind anomalies are parameterised at the approximate locations seen in
observational data. Their model replicates the weakened response seen under easterly QBO, but not
the exact location of the NP pressure anomaly. The modulation provided by wind anomalies and their
effect on NP anomaly growth can be explained via energy considerations of the eddy component of the
flow (representing Rossby waves) and also via wave activity density.

3.4.1 Eddy kinetic energy view of EN teleconnection modulation

The eddy kinetic energy equation in local Cartesian coordinates is derived and simplified by Simmons
et al. (1983) and describes the growth of kinetic energy E associated with deviations from the basic
state:

∂E

∂t
= −(u′2 − v′2)

∂u0
∂x
− u′v′ ∂u0

∂y
(3.16)

where (u0, v0) is the basic horizontal flow. Dissipation effects are neglected. The second term is of
particular interest here; given a zonally-uniform basic state, it represents the exchange of kinetic energy
(KE) between mean and eddy form. The eddy energy grows when the meridional transfer of zonal
momentum by eddies, represented by u′v′, is in the direction of a weakening westerly component of the
basic flow (Kuo, 1951).

In the context of (3.16), the modulation of EN teleconnections by the QBO can be understood as
enhancement of the eddy KE under westerly QBO. Figure 12 shows the approximate locations of westerly
QBO tropospheric wind anomalies and the location of anomalous convection at the equator, and the
subtropical jet at ∼ 35◦N. The subtropical jet, much like the polar tropospheric jet, plays a role in
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propagating weather systems around the planet and its modification and intensity is therefore particularly
relevant to understanding EN teleconnections. Initially, eddy kinetic energy is generated by anomalous
EN convection at the equator. The planetary waves carrying this eddy KE propagate northwards.
The subtropical jet acts as an intense gradient of vorticity of the background flow, consequently ∂u0

∂y
is large and since the meridional transfer of zonal momentum in this region is from a westerly to an
easterly region, the eddy KE increases and the planetary wave anomaly is enhanced. The enhanced
anomaly propagates northward into the North Pacific and the low pressure anomaly is strengthened as
the planetary waves dissipate and accelerate the zonal flow.

3.4.2 Wave activity view of EN teleconnection modulation

An equivalent description of the EN teleconnection modulation can be given in terms of wave activity
density A, proportional to the enstrophy q′2/2 which may be interpreted as measuring the kinetic energy
of the flow which is as a result of turbulence or eddy components. Strictly speaking, to consider wave
activity density we require a zonally symmetric basic state, whilst in the real atmosphere we are concerned
only with a specific zonal region. The argument is admissible since it can be shown that the pacific sector
variability dominates the total wave activity density and enstrophy (Garfinkel and Hartmann, 2010).
Wave activity density A is governed by the enstrophy equation, which is a wave activity conservation
relation in the form of (2.3):

∂A
∂t

+ v′q′ =
q′D′
qy

(3.17)

where D represents dissipation of wave activity and the wave activity density is given by

A =
1

2

q′2

qy
(3.18)

Anomalous EN convection near the equator generates vorticity, which imposes q′2, therefore generating
wave activity in the region. The local eddy flux of potential vorticity, represented by v′q′, propagates A
northward. Near the subtropical jet, the gradient of background vorticity qy is large, hence q′2 increases
to balance it, representing the enhanced planetary wave anomaly discussed above. The modulation
by the QBO arises through changes in the background vorticity gradient structure due to zonal wind
anomalies. Under easterly QBO, the opposite wind anomalies are seen to westerly QBO, i.e. opposite
to those shown in figure 12. The easterly anomaly close to the subtropical jet reduces qy, hence the

increase in enstrophy q′2 caused by the subtropical jet is smaller and a comparatively weaker anomaly
propagates into the North Pacific. Therefore the teleconnection is weaker under easterly QBO.

To summarise, the structure of QBO zonal wind anomalies during the westerly phase and the resulting
strengthened subtropical jet enhances Rossby wave propagation from anomalous El Niño convection into
the North Pacific, by requiring more energy conversion from the background state to the eddy component
of the flow via stronger vorticity gradients compared to easterly QBO conditions.

4 Conclusion

The quasi-biennial oscillation is an essential element of atmospheric dynamics as the dominant mode of
variability in the equatorial stratosphere, with consequences for numerous other atmospheric phenomena.
The oscillation is simple in essence but complex in detail, perhaps best illustrated by the difficulty in
identifying the underlying wave/mean-flow mechanism; precise details on the spectrum of wave forcing
constituting the QBO momentum budget are still under active research. More than 50 years since its
discovery, the QBO remains challenging to study owing to the multiple scales involved and the complex
feedback of the oscillation with the wider atmosphere. Representation of the QBO in global climate
models is still lacking (Bushell et al., 2020), though a realistic oscillation and sufficiently representative
global effects can be modelled via parameterisation.

In this essay, we have discussed the basic dynamics of the QBO, using the model of Plumb (1977)
to illustrate the essential wave/mean-flow interaction mechanism whereby a spectrum of waves with
opposing phase speeds provide vertical transport of momentum to accelerate the mean zonal wind, which
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modifies the location of critical layers where the waves dissipate. This two-way feedback gives rise to the
quasi-biennial oscillation. From this model, we saw how asymmetries in phase speed, momentum flux
and complicating factors such as rotation, external forcing and variable damping contribute to generating
the QBO as it is observed. Decomposing the spectrum of waves which contribute to the QBO momentum
budget is a complex issue that highlights the limitations in current atmospheric models and the inferences
which can be made from re-analysis data. Whilst the QBO is an oscillation of mean zonal wind at its
core, a signal is apparent in temperature and other coupled dynamical fields.

Moreover, the physical balances present in the equatorial stratosphere induce meridional motions which
couple with the wider stratosphere. These motions, subject to radiative damping, explain the equatorial
confinement of the oscillation and through modification of the background fields on which planetary
waves propagate, provide pathways for extratropical influence of the QBO. The particular sensitivity of
the stratosphere to external factors such as solar heating and planetary wave activity allows the subtle
dynamical changes between QBO phases to yield far greater effects, from weakening of the polar vortex
to modification of pressure anomalies, and in extreme cases these effects may contribute to far more
dramatic events such as sudden stratospheric warmings.

4.1 Incomplete discussions

Naturally, many discussions in this essay are left somewhat incomplete. In particular, the complexities
of the QBO meridional structure and interaction with the climatology of the equatorial stratosphere
have been omitted as they constitute essays in their own right.

Beyond the Gaussian structure in zonal wind amplitude, the meridional structure of the QBO has not
been discussed as it depends on the particular phase of the oscillation as well as the time of year and
climatology of the subtropics. Studies such as (Pahlavan et al., 2021a) highlight the influences of separate
components of the dynamics, such as maintenance of the poleward flanks of easterly wind regimes and the
bottom edges of westerly wind regimes by meridional advection. Further, seasonal asymmetry is readily
apparent in reanalysis data sets and can be related to the seasonality of trace species of ozone (Randel
and Wu, 1996) but the seasonality is not clearly explained in the context of stratospheric climatology.

Another aspect frequently mentioned but not detailed is the apparent seasonal onset preference, since it
requires a significant discussion of the interaction between the QBO and semi-annual oscillation. In the
upper stratosphere, the QBO and SAO share westerly shear zones (Smith et al., 2017) and once every
few annual cycles, SAO wind regimes propagate downwards via the same wave/mean-flow mechanism
leading to the downward propagation of QBO wind regimes (Garcia et al., 1997; Gray, 2010). However,
the interaction is complex to describe as during a QBO phase with weakening westerlies in the lower
stratosphere, more eastward momentum reaches the upper stratosphere, increasing forcing of SAO shear
zones and leading to deeper penetration into the stratosphere (Krismer et al., 2013). There is thus a
further element of feedback between the QBO and SAO present.

4.2 Further study

The QBO remains a very active area of research in the modern literature. In this essay, particular
topics subject to further study are the representation of the QBO in global climate models and the
parameterisation of subgrid scale gravity waves.

A discussion of the difficulties of spontaneously generating a QBO in climate models can be found
in Baldwin et al. (2001). Recently, an initiative to diagnose the defficiencies in QBO representation
has been set up, with preliminary results supporting the need for better parameterisation of mesoscale
gravity waves (Bushell et al., 2020). Part of the complexity in determining to what extent current
representations of gravity waves falter is the cross-correlation of reanalysis corrections and gravity wave
parameterisation (Pahlavan et al., 2021a). Nonetheless, these subgrid scale waves are known to be large
contributors to the QBO momentum budget. Another aspect of study is their intermittency, which is
related to the irregular descent of easterly shear zones (Ern et al., 2014).

As the availability and resolution of satellite data continues to improve, future studies may focus on
verifying mechanistic explanations of QBO extratropical influence as discussed in section 3. Studies such
as Garfinkel et al. (2012); Lu et al. (2014); Kodera and Kuroda (2002) emphasise that their discussion
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is diagnostic, with the aim of presenting a coherent description of the dynamical response to certain
atmospheric conditions, without necessarily providing an underlying causal relationship. The need for
further research in this area is highlighted by the contradictory conclusions on the vertical region of the
QBO responsible for modulation of the stratospheric polar vortex.
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